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 New high-resolution [CO32-] for the deep S Atlantic during 0-28 kyr; 29 
 Similar deep water [CO32-] between late Holocene and LGM; 30 
 Deep water [CO32-] decreased, while 13C rose during HS1; 31 
 Interocean carbon exchange enhanced during HS1; 32 





Carbon release from the deep ocean at glacial terminations is a critical 37 
component of past climate change, but the underlying mechanisms remain poorly 38 
understood. We present a 28,000-year high-resolution record of carbonate ion 39 
concentration, a key parameter of the global carbon cycle, at 5-km water depth in the 40 
South Atlantic. We observe similar carbonate ion concentrations between the Last 41 
Glacial Maximum and the late Holocene, despite elevated concentrations in the 42 
glacial surface ocean. This strongly supports the importance of respiratory carbon 43 
accumulation in a stratified deep ocean for atmospheric CO2 reduction during the last 44 
ice age. After ~9 mol/kg decline during Heinrich Stadial 1, deep South Atlantic 45 
carbonate ion concentration rose by ~24 mol/kg from the onset of Bølling to Pre-46 
boreal, likely caused by strengthening North Atlantic Deep Water formation (Bølling) 47 
or increased ventilation in the Southern Ocean (Younger Drays) or both (Pre-boreal). 48 
The ~15 mol/kg decline in deep water carbonate ion since ~10 kyr is consistent with 49 
extraction of alkalinity from seawater by deep-sea CaCO3 compensation and coral 50 
reef growth on continental shelves during the Holocene. 51 
 52 
Between 16,600 and 15,000 years ago, deep South Atlantic carbonate ion 53 
values converged with those at 3.4-km water depth in the western equatorial Pacific, 54 
as did carbon isotope and radiocarbon values. These observations suggest a period of 55 
enhanced lateral exchange of carbon between the deep South Atlantic and Pacific 56 
Oceans, probably due to an increased transfer of momentum from southern westerlies 57 
to the Southern Ocean. By spreading carbon-rich deep Pacific waters around 58 
Antarctica for upwelling, invigorated interocean deep water exchange would lead to 59 
 3
more efficient CO2 degassing from the Southern Ocean, and thus to an atmospheric 60 
CO2 rise, during the early deglaciation.  61 
 62 
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 1. Introduction 65 
 Ice core records reveal stepwise rises in atmospheric CO2 content since the 66 
Last Glacial Maximum (LGM; 22-18 kyr) (Monnin et al., 2001), but the reasons for 67 
these changes remain elusive. The large carbon reservoir of the deep ocean is thought 68 
to have played an important role in modulating past atmospheric CO2 changes 69 
(Broecker, 1982). A leading hypothesis for the deglacial atmospheric CO2 rise 70 
involves a breakdown of the deep vertical density stratification in the Southern Ocean 71 
(Anderson et al., 2009; Burke and Robinson, 2012; Sigman et al., 2010a) that governs 72 
the rate of CO2 exchange between the deep ocean and the atmosphere, a process 73 
commonly referred to as “ventilation”. The history of deep water carbonate chemistry 74 
in the Southern Ocean is critical to inform us about the processes involved in the 75 
release of CO2 to the atmosphere in the past.  76 
 77 
Deep water carbonate ion concentration, [CO32-], is an important parameter in 78 
deciphering the deglacial carbon cycle changes. To a first approximation, [CO32-] ≈ 79 
ALK – DIC, where ALK is alkalinity and DIC is dissolved inorganic carbon, each of 80 
which influences the carbon storage in the ocean (Sigman and Boyle, 2000; Sigman et 81 
al., 2010a). Thus, a [CO32-] record for a key location such as the deep Southern Ocean 82 
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would yield critical insights into the processes responsible for past atmospheric CO2 83 
variations. Until now, a quantitative deep water [CO32-] record that can sufficiently 84 
resolve millennial timescale variability is lacking in the Southern Ocean. For example, 85 
a recently published deep water [CO32-] record from the Weddell Sea has only four 86 
data points during the last 30,000 years (Rickaby et al., 2010), limiting the use of 87 
these results to constrain the processes that have regulated the deglacial rise in 88 
atmospheric CO2. Here, we present the first high-resolution quantitative deep water 89 
[CO32-] record for the Southern Ocean spanning the last 28,000 years to constrain 90 
processes that controlled atmospheric CO2 variations in the past.  91 
 92 
2. Samples and methods 93 
Our reconstruction is based on measurements for sediment core TNO57-21 94 
(41.1°S, 7.8°E, 4,981 m) from the southern Cape Basin, South Atlantic Ocean (Fig. 95 
1). The age model of the core is based on 3 new and 20 published radiocarbon dates 96 
(Fig. 2; Table S1) (Barker et al., 2009; Barker et al., 2010). It is impossible to use a 97 
single planktonic species for radiocarbon dating due to significant shell fragmentation 98 
at depths 0-80 cm (corresponding to ~4-9 kyr) in TNO57-21 and the large sample size 99 
requirement for 14C analysis. We thus used mixed planktonic species for our 100 
radiocarbon measurements. Radiocarbon dates are calibrated assuming a constant 101 
surface reservoir age of 600 years (Barker et al., 2009) using Calib 6.01 (Stuiver and 102 
Reimer, 1993) and the Marine 09 curve (Reimer et al., 2009). Using variable surface 103 
reservoir ages (Skinner et al., 2010) has negligible influence on our conclusion (Fig. 104 
S1). The average sedimentation rate is 15.6 cm kyr-1, which minimizes any influence 105 
from bioturbation and facilitates the development of climate records with excellent 106 
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temporal resolution. The core site is bathed in Lower Circumpolar Deep Water 107 
(LCDW), which fills a large volume of the global deep ocean (Fig. 1). Changes in 108 
[CO32-] of LCDW thus have far-reaching implications for the global carbon cycle.  109 
 110 
Our deep water [CO32-] reconstruction is based on 67 B/Ca measurements of 111 
the epibenthic (a habitat above the sediment-water interface) foraminiferal species 112 
Cibicidoides wuellerstorfi (Table S2). About 10 cc wet sediments for each sample (1 113 
cm depth interval) from core TNO57-21 were disaggregated in de-ionized water and 114 
wet sieved through 63 m sieves. All C. wuellerstorfi, ranging from ~15 to 30 shells 115 
in each sample, were picked for all samples from the 250-500 m size fraction. The 116 
shells were then double checked under a microscope before crushing with due 117 
attention to use shells of most consistent morphology for B/Ca analyses throughout 118 
the core, to minimize any potential influence from changes in shell morphology (Rae 119 
et al., 2011). In general, the starting material for each sample has ~12 to 25 shells, 120 
equivalent to ~300 to 600 g. The shells were cleaned by the “Mg-cleaning” method 121 
(Barker et al., 2003; Yu et al., 2007) and B/Ca was measured on ICP-MS using the 122 
established procedure (Yu et al., 2005). Foraminiferal B/Ca shows no correlation with 123 
Mn/Ca (R2 = 0.01, P = 0.55) or Al/Ca (R2 = 0.00, P = 0.89) or Fe/Ca (R2 = 0.00, P = 124 
0.97) (Fig. S2), indicating that B/Ca is not biased by contamination from diagenetic 125 
coatings or silicates.  126 
 127 
 C. wuellerstorfi B/Ca ratios were converted to seawater [CO32-] using a 128 
sensitivity of 1.14 mol/mol per mol/kg specific to this species, as obtained from a 129 
global core-top calibration (Yu and Elderfield, 2007) by: [CO32-]downcore = [CO32-130 
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]preindustrial + (B/Ca)/1.14, where the preindustrial [CO32-], [CO32-]preindustrial, is 131 
estimated using the GLODAP dataset (Key et al., 2004), and (B/Ca) is the deviation 132 
of B/Ca of down-core samples relative to the core-top value. The B/Ca-[CO32-] proxy 133 
is empirical and the mechanism for the observed relationship remains largely 134 
unknown. However, subsequent core-top (Brown et al., 2011; Rae et al., 2011; 135 
Raitzsch et al., 2011; Yu et al., 2013a) and down-core (Raitzsch et al., 2011; Yu et al., 136 
2013a; Yu et al., 2010b) studies have strongly corroborated the faithfulness of the 137 
B/Ca proxy for deep water [CO32-]. 138 
 139 
Based on core-top samples, Yu and Elderfield  (2007) gave an uncertainty of 140 
~±9 mol/kg (2) in deep water [CO32-] for reconstructions using C. wuellerstorfi 141 
B/Ca. This uncertainty should be treated as the worst scenario error because the 142 
calculation included errors associated with hydrographic data (at ~±5-10 mol/kg in 143 
seawater [CO32-]) (Key et al., 2004), bioturbation (associated with sedimentation 144 
rates), shell morphology influences, inter- and intra-shell variability, and analytical 145 
error in B/Ca, all of which have been discussed in Yu et al. (2013a). Reconstruction 146 
error in down-core records may be estimated using the variance in B/Ca of duplicate 147 
measurements and the sensitivity of B/Ca to [CO32-]. Down-core reconstruction 148 
precision may differ between cores due to different degrees of bioturbation, and could 149 
be improved by employing recommendations given in Yu et al. (2013a), which were 150 
followed in this study. For example, the reconstruction error is given at ~7 mol/kg 151 
(2) in core VM28-122 (Yu et al., 2010b). Unfortunately, it is impossible to make 152 
duplicates for TNO57-21 due to the limited quantity of sediment available for this 153 
study. Here, we assess the error based on the replicates of a consistency standard 154 
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(B/Ca = 150 mol/mol), which was measured during the course of analyzing samples 155 
from core TNO57-21 samples. The average uncertainty (2) of this consistency 156 
standard is ~±6 mol/mol in B/Ca, corresponding to an error of ~±5 mol/kg (2) in 157 
seawater [CO32-] assuming a constant sensitivity of 1.14 mol/mol per mol/kg. 158 
Compared to VM28-122, the slightly better reconstruction error for core TNO57-21 is 159 
expected due to faster sedimentation rates at TNO57-21 (~15.7 cm/kyr at TNO57-21 160 
vs. ~7 cm/kyr at VM28-122), which would minimize bioturbation effects and thus be 161 
conducive for improved reconstructions at TNO57-21. 162 
 163 
We also measured U-Th isotopes for 36 sediment samples from TNO57-21 to 164 
supplement published data (Sachs and Anderson, 2003) and increase the resolution of 165 
CaCO3 and alkenone fluxes and of authigenic uranium during last 28,000 years (Fig. 166 
2; Table S3). Uranium and thorium isotopes were measured in aliquots of the 1-cm 167 
thick sediment samples from core TN057-21. Measurements were made by isotope 168 
dilution ICP-MS. A 0.5-g aliquot of dried sediment was dissolved using mixed acids 169 
in the presence of 229Th and 236U spikes. After weighing the final solution, an aliquot 170 
(~1.0% by weight) was removed, spiked with 230Th and additional 236U, and diluted 171 
with 1% HNO3 + 1% HF. This solution was analyzed without further processing by 172 
ICP-MS to measure concentrations of 238U and 232Th. Uranium and Th in the 173 
remainder (99%) of the initial solution were purified by anion exchange 174 
chromatography, after which 234U, 235U and 230Th were measured by ICP-MS. Details 175 
of the method are presented in the work of Fleisher and Anderson (2003). 176 
Calculations of CaCO3 and alkenone fluxes and authigenic uranium are given in 177 
Sachs and Anderson (2003). 178 
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 179 
3. Dissolution effect on benthic B/Ca 180 
In the deep ocean, changes in deep water [CO32-] (deep water property) and 181 
dissolution of carbonate on the sea floor (including deep and pore water dissolution) 182 
are often coupled: when deep water [CO32-] is low, dissolution tends to increase and 183 
vice versa. This sometimes makes it difficult to distinguish whether a decline in 184 
benthic B/Ca is due to a decrease in deep water [CO32-] or enhanced dissolution. 185 
However, strong evidence exists to argue against dissolution as the driver for changes 186 
in benthic B/Ca. First, benthic foraminiferal shells are calcified in corrosive deep 187 
waters and, when compared with planktonic shells, are more resistant to dissolution 188 
on the sea floor (Howard and Prell, 1994). Second, Rose Bengal stained (recently 189 
alive) and non-Rose Bengal stained (already dead and exposed to deep waters for a 190 
certain amount time) shells from the same core-top samples yield similar B/Ca ratios, 191 
suggesting that dissolution does not significantly affect B/Ca (Yu and Elderfield, 192 
2007). Third, the sensitivity of B/Ca to deep water [CO32-] is sustained at high 193 
[CO32-] ranges well above the saturation horizon where dissolution of carbonate is 194 
minimal (Raitzsch et al., 2011; Yu et al., 2013a; Yu and Elderfield, 2007), supporting 195 
that changes in B/Ca are driven by changes in deep water [CO32-], not by dissolution. 196 
 197 
An insignificant dissolution effect on benthic B/Ca is further supported by 198 
comparisons of B/Ca with dissolution proxies at core TNO57-21 (Fig. S3, S4). 199 
Overall, benthic B/Ca display weak correlations (r2 < 0.10, P > 0.005; Fig. S4) with 200 
the >63 m size fraction, foraminifera shell fragmentation (>150 m), and the whole 201 
shell number (>150 m), with the exception of %CaCO3 in which case a significant 202 
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correlation is observed (see below). Careful scrutiny of the data reveals that benthic 203 
B/Ca and dissolution proxies have varied differently on millennial timescales. For 204 
example, benthic B/Ca decreased and increased by ~15 mol/mol during the 205 
transitions into and out of Heinrich Stadial 2 (HS2; 27-24 kyr), respectively, which is 206 
not observed in any of the dissolution proxies (Fig. S3). During the LGM, benthic 207 
B/Ca remained roughly stable, in contrast to obvious trends exhibited by dissolution 208 
proxies (steady increases in the >63 m fraction, whole shell number and %CaCO3 209 
and a steady decline in fragmentation) (Fig. S3). At the transition from 210 
Bølling/Allerød (B/A; 14.5-12.9 kyr) to Younger Dryas (YD; 12.9-11.8 kyr), benthic 211 
B/Ca increased by ~10 mol/mol, compared to substantial decreases in the >63 m 212 
fraction and whole shell number, an increase in foraminifera shell fragmentation, and 213 
roughly stable %CaCO3 (Fig. S3).  214 
 215 
4. Reliability of 13C and B/Ca in C. wuellerstorfi for deep water signals 216 
The fidelity of using epifaunal benthic foraminifera (e.g., Cibicidoides spp.) in 217 
reconstructions of deep water chemistry in the Southern Ocean is a matter of debate. It 218 
has been speculated that the extremely low 13C in C. wuellerstorfi from the glacial 219 
deep Southern Ocean might be caused by their habitat preference in a fluff layer 220 
where fluid 13C is decreased by degradation of organic matter (the “Mackensen 221 
effect”) (Mackensen et al., 1993). If true, then respiration of biogenic matter should 222 
also increase DIC and decrease [CO32-] of the microenvironment, resulting in 223 
concomitant decreases in 13C and [CO32-] (this is also true for increased organic 224 
matter respiration in deep water). However, [CO32-] (this study) and 13C (Ninnemann 225 
and Charles, 2002) at TNO57-21 display no correlation over the last 28,000 years and 226 
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show opposite trends during Heinrich Stadial 1 (HS1; 17.5-14.5 kyr) (Fig. 2A, C). 227 
Furthermore, a recent core-top survey shows that Cibicidoides reliably records deep 228 
water 13C in a wide region (~40-80°S) of the South Atlantic (Mackensen, 2012), and 229 
the low glacial benthic 13C is highly reproducible at various locations from the 230 
Southern Ocean (Ninnemann and Charles, 2002). Based on the above, we interpret 231 
13C of benthic foraminifera at site TNO57-21 as a reliable recorder of the 13C of 232 
DIC of bottom waters. From this we infer that processes other than the simple build-233 
up and release of respiratory CO2 influenced the 13C and [CO32-] of Cape Basin 234 
bottom waters in the past.  235 
 236 
5. Deep water [CO32-] , %CaCO3, and 230Th-normalized CaCO3 flux 237 
Over the past 28 kyr, B/Ca-derived deep water [CO32-] shows similar large-238 
scale variations to sediment carbonate content (%CaCO3) and 230Th-normalized 239 
CaCO3 flux (Sachs and Anderson, 2003) (Fig. 2). Changes in deep water [CO32-] 240 
explain 43% of the variance in %CaCO3 in TNO57-21 (Fig. S4). Although [CO32-] 241 
differs in detail from %CaCO3 and CaCO3 flux due to secondary factors (see below), 242 
the overall agreement corroborates the notion (Anderson et al., 2008; Farrell and Prell, 243 
1989; Hodell et al., 2001) that CaCO3 dissolution, regulated by deep water [CO32-], is 244 
a significant driver for CaCO3 abundance in sediments of the deep Cape Basin 245 
(Hodell et al., 2001), as well as in the deep Indian and Pacific Oceans (Anderson et 246 
al., 2008; Farrell and Prell, 1989; Yu et al., 2013a).  247 
 248 
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Although they are broadly similar over the last 28,000 years (Fig. 2, S4d), 249 
sediment %CaCO3 and deep water [CO32-] derived from B/Ca in C. wuellerstorfi 250 
differ in detail. The differences include: (i) from 27-28 kyr to HS2, deep water [CO32-] 251 
declined, but %CaCO3 remained low; (ii) %CaCO3 displays a clear rising trend by 252 
~30% during the LGM, in contrast to roughly stable deep water [CO32-]; (iii) the 253 
increase in %CaCO3 halted, but showed no decline as observed in deep water [CO32-], 254 
during HS1; and (iv) sediment %CaCO3 remained roughly constant from the B/A to 255 
the Pre-Boreal (PB; 11.8-10 kyr), when deep water [CO32-] rose by ~12 mol/kg (Fig. 256 
2A). These differences cannot be attributed to dilution of CaCO3 by detrital sediments 257 
because %CaCO3 and 230Th-normalized CaCO3 flux show very similar patterns over 258 
the course of the past 28,000 years (R2 = 0.95, n = 60, P<0.0001) (Fig. 2B) (Sachs and 259 
Anderson, 2003). Dissimilar patterns of alkenone flux and %CaCO3 indicate an 260 
insignificant role of pore water dissolution in CaCO3 preservation in core TNO57-21 261 
during the last 28 kyr (Sachs and Anderson, 2003) (see Fig. 2B, S9c; SI text). We 262 
attributed observed differences between %CaCO3 and [CO32-] to secondary processes 263 
affecting carbonate abundance in sediments, in addition to deep water [CO32-] 264 
changes. We speculate that sediment CaCO3 content and flux at the site of TNO57-21 265 
are further influenced by factors including winnowing and focusing of fine carbonate 266 
particles by deep currents (Sachs and Anderson, 2003) and changes in surface 267 
productivity (Karlin et al., 1992; Lyle et al., 2000; Sachs and Anderson, 2003). These 268 
secondary factors complicate the interpretation of CaCO3 accumulation quantitatively 269 
in terms of deep-water [CO32-]. By contrast, C. wuellerstorfi is an epibenthic species 270 
that lives above the deep water-sediment boundary and hence records deep water 271 
chemistry (Corliss, 1985; Lutze and Thiel, 1989). Benthic B/Ca methodology is based 272 
on extensive core-top calibrations (Rae et al., 2011; Raitzsch et al., 2011; Yu et al., 273 
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2013a; Yu and Elderfield, 2007) and its validity is strongly supported by down core 274 
studies (Raitzsch et al., 2011; Yu et al., 2013a; Yu et al., 2008; Yu et al., 2010c). In 275 
the text, we focus on B/Ca-derived deep water [CO32-] for paleoceanographic 276 
interpretations.  277 
 278 
6. LGM 279 
Deep water [CO32-] at TNO57-21 displays similar values during the LGM 280 
(86.9±3.4 mol/kg, n = 18, 1 standard deviation) and the late Holocene (~83.0 281 
mol/kg, n = 2, 0-5 kyr) (Fig. 2A). Small changes in [CO32-] of <~5 mol/kg between 282 
the Holocene and the LGM are also observed in the deep Indian and Pacific Oceans 283 
(Fig. 3; SI text) (Anderson and Archer, 2002; Yu et al., 2013a; Yu et al., 2010a). 284 
Assuming equilibrium between the surface ocean and the atmosphere, surface water 285 
[CO32-] would have been ~60 mol/kg higher than today (preindustrial) during the 286 
LGM (Foster, 2008; Lea et al., 1999; Yu et al., 2013b), when atmospheric CO2 was 287 
~90 part per million by volume (ppmv) lower (Fig. 4H) (Monnin et al., 2001). 288 
Although the spatial distribution of surface water [CO32-] in the world ocean during 289 
the LGM remains undetermined, it is reasonable to expect that the surface waters 290 
which contributed to newly formed deep water would have had a substantially higher 291 
preformed [CO32-] than today. The observation that LGM deep water [CO32-] was 292 
similar to the present therefore reveals an increased surface-to-deep [CO32-] gradient 293 
in the LGM ocean (Fig. 3). 294 
 295 
 13
 In seawater, remineralization of biogenic matter increases DIC but has little 296 
influence on ALK, resulting in a net decrease in [CO32-]. Therefore, the difference 297 
between LGM and modern levels of respiratory CO2 in the deep sea must have been 298 
sufficiently large to titrate the greater preformed [CO32-] of LGM surface waters down 299 
to levels close to those existing in the modern deep ocean. This inferred increase in 300 
respiratory CO2 in the glacial-age deep water is consistent with lower dissolved O2 301 
concentrations in the deep Pacific Ocean during the LGM (Bradtmiller et al., 2010; 302 
Galbraith et al., 2007; Jaccard and Galbraith, 2012). It is also consistent with 303 
inferences of increased stratification in the glacial ocean (Burke and Robinson, 2012; 304 
Lund et al., 2011), which, by limiting the ventilation of high-DIC deep waters, would 305 
have facilitated the buildup of CO2 in the deep ocean and contributed to the low 306 
atmospheric CO2 levels of the LGM (Sigman and Boyle, 2000; Sigman et al., 2010a). 307 
 308 
7. Deep South Atlantic [CO32-] evolution since the last deglacial 309 
After a ~2 mol/kg drop at the very end of the LGM, [CO32-] decreased by ~7 310 
mol/kg at ~16.6 kyr during HS1 to a minimum of ~77 mol/kg at 15.6 kyr (Fig. 2A, 311 
4B). This decline in [CO32-] is independently supported by an increase in shell 312 
fragmentation in the same core (Fig. S3) (Barker et al., 2010). A decrease of similar 313 
magnitude in deep water [CO32-] at the location of TNO57-21 also occurred during 314 
HS 2 (Fig. 2). This may imply a systematic link between Heinrich Stadials and 315 
changes in deep South Atlantic [CO32-] chemistry, although [CO32-] changes during 316 
previous Heinrich events are to be reconstructed. 317 
 318 
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Starting at ~14.6 kyr, deep water [CO32-] at TNO57-21 increased by ~12 319 
mol/kg over ~500 years and stayed at about 91 mol/kg over the remainder of the 320 
B/A (Fig. 4B). This increase in deep water [CO32-], together with the concurrent 321 
>0.3‰ increase in benthic 13C (Fig. 4C) (Ninnemann and Charles, 2002) and ~160‰ 322 
rise in 14C [the offset between benthic and contemporary atmospheric 14C 323 
(Reimer et al., 2009)] (Fig. 4D) (Barker et al., 2010), can be explained by rapid 324 
ventilation of the deep South Atlantic by high-[CO32-] and 14C-enriched North 325 
Atlantic Deep Water (NADW) (Fig. 1; 4A) (Barker et al., 2010; McManus et al., 326 
2004). NADW reinvigoration is also thought to have been responsible for improved 327 
carbonate preservation and for increases in both benthic 13C and 14C at 3.3-3.6 km 328 
water depth in the North Pacific at around 14.6 kyr (Fig. S5) (Galbraith et al., 2007). 329 
This suggests widespread ventilation of the global abyss by low-DIC NADW, and a 330 
sizable carbon loss from the deep ocean. Paradoxically, owing to an efficient 331 
offsetting effect from an increase in the biological pump that enhanced respired DIC 332 
at intermediate depths in the Indian and Pacific Oceans (Galbraith et al., 2007; Jaccard 333 
and Galbraith, 2012), only a small net quantity of CO2 was released to the atmosphere 334 
(~10 ppmv rise in atmospheric CO2) at the onset of B/A (Fig. 4H) (Monnin et al., 335 
2001). 336 
 337 
During the YD and PB, deep water [CO32-] at TNO57-21 increased by a 338 
further ~12 mol/kg to a peak value of ~104 mol/kg at ~10 kyr (Fig. 4B). Given the 339 
weakened export of NADW during the YD (Fig. 4A) (McManus et al., 2004), we 340 
attribute the rise in deep water [CO32-] at TNO57-21 to enhanced ventilation from the 341 
Southern Ocean. The formation of Antarctic Bottom Water could be enhanced 342 
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associated with warming in Antarctica during the YD (Fig. 4I) (Barbante et al., 2006) 343 
as simulated by (Menviel et al., 2011), and with intensified upwelling in the Southern 344 
Ocean during the YD and PB as inferred from opal accumulation records (Fig. 4E) 345 
(Anderson et al., 2009). Whatever combination of ventilation processes occurred in 346 
the Southern Ocean, the associated release of CO2 from the deep ocean to the 347 
atmosphere (SI Text) likely contributed to the initial ~0.2‰ drop in 13CO2 and 25 348 
ppmv rise in atmospheric CO2 during the YD (Fig. 4G, H) (Monnin et al., 2001; 349 
Schmitt et al., 2012).  350 
 351 
Together with the concurrent >0.2‰ increase in benthic 13C, the peak deep 352 
water [CO32-] of ~104 µmol/kg at 10 kyr in TNO57-21 (Fig. 4B, C) suggests that 353 
ventilation of the deep Cape Basin was further improved during the PB. At this time, 354 
besides sustained ventilation from the Southern Ocean (Fig. 4E) (Anderson et al., 355 
2009), the deep Cape Basin ventilation was also affected by low-DIC and high-[CO32-356 
] NADW (Fig. 1) as inferred from sediment Pa/Th (Fig. 4A) (McManus et al., 2004). 357 
During the PB, atmospheric CO2 reached a plateau while atmospheric13CO2 rose 358 
(Fig. 4G, H) (Monnin et al., 2001; Schmitt et al., 2012). This suggests that the net 359 
release of CO2 from the deep ocean was in balance with net uptake by the terrestrial 360 
biosphere (Elsig et al., 2009). Insufficient data exist to assess how and where carbon 361 
transfer between the deep-sea and the atmosphere occurred during this period. Based 362 
on the coeval deep water [CO32-] increase at TNO57-21 and sustained high opal fluxes 363 
south of the Antarctic Polar Front (Fig. 4E) (Anderson et al., 2009), we suggest that 364 
degassing of CO2 via intensified upwelling in the Southern Ocean (SI Text) may have 365 
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played a significant role in supplying the carbon required for forest regrowth during 366 
the PB. 367 
 368 
Since 10 kyr, deep water [CO32-] at TNO57-21 has plunged by ~15 mol/kg, 369 
while benthic 13C in the same core has remained relatively stable (Fig. 4B, C). The 370 
stable benthic 13C, which is sensitive to the accumulation of respiratory CO2, 371 
indicates that the [CO32-] decline must have resulted from a greater decrease in 372 
oceanic ALK than in oceanic DIC. This inferred ALK decrease is consistent with two 373 
contributing factors inferred from modeling studies (Broecker and Peng, 1987; 374 
Menviel and Joos, 2012; Opdyke and Walker, 1992; Ridgwell et al., 2003): (i) CaCO3 375 
compensation and (ii) burial of CaCO3 on continental shelves (SI Text). Owing to its 376 
high sedimentation rate, our record reveals for the first time a clear acceleration of the 377 
[CO32-] decline at ~8 kyr (Fig. 4B), when the substantial regrowth of corals on 378 
continental shelves occurred (Vecsei and Berger, 2004). Detailed reconstruction of 379 
deep water [CO32-] changes is critical for evaluating the influence of different factors 380 
on Holocene atmospheric CO2 (Elsig et al., 2009; Menviel and Joos, 2012; Ridgwell 381 
et al., 2003). Due to its detailed features and minimal influence from bioturbation at a 382 
key location in the Southern Ocean, our record provides exceptional constraints for 383 
models to better quantify the relative contributions of various processes to the 20 384 
ppmv rise in atmospheric CO2 since ~8 kyr (Fig. 4H) (Monnin et al., 2001).  385 
 386 
8. Increased interocean deep water exchange during HS1 387 
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An intriguing feature of our record is the ~7 mol/kg decline in [CO32-] during 388 
HS1 (Fig. 4B), which contrasts with contemporary [CO32-] increases previously 389 
observed in the deep Indian and Pacific Oceans (Yu et al., 2010a). It appears that the 390 
[CO32-] decline mainly occurred during the late HS1 (14.5-16.6 kyr) (Fig. 4B). Two-391 
phase changes during HS1 have been observed in many, but not all (such as Pa/Th; 392 
Fig. 4A), high-resolution marine and ice core records (Broecker and Putnam, 2012). 393 
Since our [CO32-] record is the first to resolve millennial timescale changes in the 394 
deep South Atlantic, it would be premature at this stage to discuss two-phase [CO32-] 395 
changes within HS1 without more records of equal resolution. We thus treat the 396 
[CO32-] decline as occurring broadly during HS1, making no attempt to interpret 397 
features within HS1. We acknowledge that if the two-phase [CO32-] change is 398 
confirmed by additional records in the future, then our interpretation may need to be 399 
revised.  400 
 401 
The [CO32-] decline during HS1 is surprising and counterintuitive, given the 402 
intensified upwelling in the Southern Ocean suggested by increased opal fluxes (Fig. 403 
4E) (Anderson et al., 2009). Everything else being equal, transfer of CO2 from the 404 
deep ocean to the surface ocean and the atmosphere by upwelling should deplete DIC 405 
and hence increase [CO32-] in the deep Southern Ocean during HS1, opposite to our 406 
reconstruction (Fig. 4B). The decrease in [CO32-] at TNO57-21 coincides with ~0.2‰ 407 
increase in benthic 13C (Fig. 4B, C) (Ninnemann and Charles, 2002), and this 408 
combination rules out the possibility that the observed decline in [CO32-] during HS1 409 
reflects reduced penetration of high-[CO32-] and high-13C NADW relative to low-410 
[CO32-] and low-13C LCDW (Fig. 1) (Key et al., 2004; Yu et al., 2010a). We can also 411 
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dismiss a phytodetritus effect (Mackensen et al., 1993) on benthic 13C based on the 412 
high reproducibility of 13C (Ninnemann and Charles, 2002) and the absence of any 413 
correlation between 13C and [CO32-] at TNO57-21 (Section 4). Any increased 414 
organic matter respiration in deep water at the site would decrease both 13C and 415 
[CO32-], which is not observed during HS1. Instead, we propose in the following a 416 
new explanation that is consistent with all observations, which invokes increased 417 
admixture of a deep Pacific water mass as the cause of the concurrent 13C rise and 418 
[CO32-] drop in the deep Cape Basin.   419 
 420 
Today, deep water [CO32-] is lower in the Pacific Ocean than in the deep Cape 421 
Basin (Fig. 1). This [CO32-] gradient was even greater during the LGM, as illustrated 422 
by comparing reconstructed [CO32-] records from TNO57-21 and core MW91-9 423 
GGC48 (0°, 161°E, 3,400 m) (GGC48 hereafter) from the Western Equatorial Pacific 424 
(WEP; Fig. 1, 4B) (Yu et al., 2010a). The two cores also display large contrasts in 425 
benthic 13C during the LGM, with Pacific values up to ~0.5‰ higher, despite similar 426 
Holocene values (Fig. 4C) (Ninnemann and Charles, 2002; Yu et al., 2010a). The 427 
lower glacial benthic 13C at TNO57-21 does not necessarily imply a greater burden 428 
of respired CO2 at the site, because deep water 13C is further influenced by factors 429 
such as preformed values and air-sea exchange (Broecker and Maier-Reimer, 1992; 430 
McCave et al., 2008). But benthic 13C may be used to assess past deep water mixing 431 
(Curry and Oppo, 2005), and we find the deep water 13C in different sectors of the 432 
Southern Ocean and in the equatorial Pacific Ocean displayed much larger contrasts 433 
during the LGM, indicating reduced interocean exchange of deep water than today 434 
(Fig. 5). In addition, a larger 14C gradient is observed between core TNO57-21 and 435 
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WEP core MD01-2386 (1.1°N, 130°E, 2,820 m) during the LGM (Fig. 4D) (Barker et 436 
al., 2010; Broecker et al., 2007; Key et al., 2004), further supporting the inferred 437 
glacial reduction in the interocean exchange of deep water. 438 
 439 
Overall, therefore, we infer that the LGM ocean was characterized not only by 440 
reduced vertical mixing associated with enhanced stratification (Burke and Robinson, 441 
2012; Lund et al., 2011), but also by an increased chemical dissimilarity between deep 442 
waters in the Atlantic and Pacific Oceans (Fig. 4B-D, 5). This combination supports 443 
the view (McCave et al., 2008) that deep water masses in the world’s ocean basins 444 
were physically more isolated from each other during the LGM due to reduced lateral 445 
exchange via the Southern Ocean. 446 
 447 
 During the early deglaciation, the deep water [CO32-] gradient between 448 
TNO57-21 and GGC48 started to diminish, as [CO32-] at TNO57-21 fell and [CO32-] 449 
at GGC48 rose (Fig. 4B) (Yu et al., 2010a). The deep water [CO32-] at both sites 450 
reached comparable values during late HS1 (~15.8-14.6 kyr), the only time when 451 
complete convergence in [CO32-] occurred over the last 28,000 years (Fig. 4B). 452 
During HS1, benthic 13C and 14C at site TNO57-21 also converged with those at 453 
3.4 and 2.8 km water depths in the WEP, respectively (Fig. 4C, D), as well as with 454 
those at 3.8 km water depth in the South Atlantic (Skinner et al., 2010) and 2.7-3.6 km 455 
water depth in the North Pacific (Galbraith et al., 2007) (Fig. S5, S6). 456 
 457 
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A change in each of our examined proxies by itself may be caused by multiple 458 
processes. For example, benthic 13C is further influenced by factors in addition to 459 
interocean exchange of deep water, including gas exchange and preformed water 460 
chemistry. Benthic 14C may be complicated by changes in surface reservoir ages, 461 
but this has negligible influence on the HS1 14C convergence between deep South 462 
Atlantic and Pacific records (Fig. S7). However, an extraordinary coincidence would 463 
be required to explain the convergence observed in all three proxies by invoking 464 
simultaneous changes in the preformed chemistry of the different water masses. 465 
Instead, it is most straightforward to attribute the concurrent convergence of all three 466 
proxies to better mixing of deep waters between the South Atlantic and Pacific 467 
Oceans during HS1 than during the LGM. Our interpretation is also consistent with a 468 
wider suite of geochemical proxies including neodymium isotopes and authigenic 469 
uranium from TNO57-21 (Fig. S8, S9; SI text) (Piotrowski et al., 2012; Piotrowski et 470 
al., 2005; Sachs and Anderson, 2003). It is worth noting that increased interocean 471 
deep water exchange during HS1 differs from ventilation of global abyssal ocean at 472 
the onset of B/A (see above), when the formation of low-DIC NADW was much 473 
strengthened compared to HS1 (Fig. 4A) (McManus et al., 2004). 474 
 475 
9. Mechanism and implication for deglacial atmospheric CO2 rise 476 
Our inferred erosion of the spatial isolation of deep water masses during HS1 477 
is roughly coeval with the intensified upwelling and breakdown of deep vertical 478 
stratification in the Southern Ocean during the rapid warming in Antarctica (Fig. 4E, 479 
I) (Anderson et al., 2009; Barbante et al., 2006). The synchronicity of these events 480 
suggests that they may be linked to one another by a common mechanism. Northern 481 
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Hemisphere insolation-induced fresh water input into the North Atlantic at last glacial 482 
termination led to a reduction of NADW formation during HS1 (Fig. 4A) (He et al., 483 
2013; Liu et al., 2009; McManus et al., 2004). Through atmospheric teleconnections, 484 
a NADW shutdown may also cause poleward displacement or strengthening of the 485 
Southern Hemisphere westerlies (McGlone et al., 2010; Putnam et al., 2010), as 486 
invoked previously to account for increased opal fluxes in the Southern Ocean (Fig. 487 
4E) (Anderson et al., 2009). Changes in the southern westerlies may have increased 488 
lateral (zonal) exchange of deep waters around Antarctica (Ho et al., 2012) through 489 
more efficient transfer of momentum from the winds to the ocean at the critical 490 
latitudes of the Drake Passage (Toggweiler et al., 2006), while also enhancing the 491 
meridional overturning in the Southern Ocean via Ekman pumping (Anderson et al., 492 
2009; Morrison and Hogg, 2013; Toggweiler et al., 2006) (Fig. 6). 493 
 494 
The deep Pacific Ocean stores the largest amount of carbon in the ocean-land 495 
biosphere-atmosphere system today (Broecker, 1982; Key et al., 2004), and proxies  496 
suggest an even larger carbon stock in the deep Pacific during the LGM (Bradtmiller 497 
et al., 2010; Jaccard and Galbraith, 2012). Reduced glacial interocean mixing would 498 
have facilitated storage of low-[CO32-], old-14C, low-O2 (Bradtmiller et al., 2010; 499 
Galbraith et al., 2007; Jaccard and Galbraith, 2012) and, presumably, high-DIC waters 500 
in the deep Pacific Ocean (Fig. 1, 4B-D), contributing to low atmospheric CO2 during 501 
the LGM (Fig. 4H) (Monnin et al., 2001). Whatever the nature of the physical 502 
processes responsible for increased lateral mixing during HS1, they must have 503 
contributed to the ventilation of CO2 from the deep Pacific. Interocean exchange of 504 
deep waters is constrained to occur via the Southern Ocean, where enhanced vertical 505 
mixing during HS1 was recorded by the burial flux of biogenic opal (Fig. 4E) 506 
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(Anderson et al., 2009). Consequently, it is reasonable to infer that a portion, although 507 
not necessarily all, of the deep water exchanging between the South Atlantic and 508 
Pacific Oceans was subject to entrainment by the processes driving vertical mixing, 509 
thereby enhancing the ventilation of DIC previously stored in deep Pacific waters. 510 
  511 
Geochemical tracers cannot be used to quantify the relative contributions by 512 
vertical and lateral deep water exchange to the deglacial increase in deep ocean 513 
ventilation, but they inform us that both occurred. Recent modeling suggests that 514 
transport by the Antarctic Circumpolar Current (ACC; linked to lateral deepwater 515 
exchange) is much less sensitive to changes in the southern westerlies than is 516 
meridional overturning circulation (Morrison and Hogg, 2013). However, the 517 
westerlies in their model runs are in a modern poleward-shifted position, under which 518 
condition ACC is possibly in an eddy-saturated state. By contrast, the transition from 519 
the LGM to HS1 might involve a much larger poleward shift in the position of the 520 
westerlies (possibly beginning from a position during the LGM equatorward of their 521 
modern location), which could impose a stronger impact on Southern Ocean 522 
hydrography. In light of the compelling evidence for homogenization of deep waters 523 
during HS1, and the implications for understanding climate-related changes in 524 
atmospheric CO2, we hope that our findings will encourage investigators to dig deeper 525 
into the processes involved and help reconcile the physical oceanographic models 526 
with paleoceanograhic observations.   527 
 528 
10. Conclusion 529 
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Using a high-resolution reconstruction of [CO32-] in the deep South Atlantic, 530 
we describe the sequence of events that shaped the ocean carbon cycle and 531 
atmospheric CO2 since the last ice age. During the initial phase of deglaciation, 532 
increased lateral exchange of deep water between the Pacific and Atlantic Oceans 533 
enhanced the ventilation of CO2 from the deep sea by the contemporary 534 
intensification of vertical mixing. The initial chemical signature of North Atlantic 535 
Deep Water occurred during the Bølling (~14.5 kyr), while the principal Holocene 536 
feature of the record indicates extraction of alkalinity from seawater by CaCO3 537 
deposition on continental shelves. Our study provides an unprecedented high-538 
resolution deep water [CO32-] record in the South Atlantic to improve our 539 
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Figure Legends, 791 
Fig. 1. Locations of core TNO57-21 and two cores in the Western Equatorial Pacific 792 
(WEP) against the pre-industrial seawater [CO32-]. Inset shows the locations of 793 
hydrographic sites used for the [CO32-] section (Key et al., 2004). The map was 794 
generated using Ocean Data View (http://odv.awi-bremerhaven.de.). Three key water 795 
masses are indicated: NADW = North Atlantic Deep Water, LCDW = Lower 796 
Circumpolar Deep Water, and NPDW = North Pacific Deep Water. 797 
 798 
Fig. 2. Data from core TNO57-21. (A) C. wuellerstorfi B/Ca and reconstructed deep 799 
water [CO32-] (red circles) with b-spline smoothing (red curve). The error bar 800 
represents the average 2 [CO32-] error from analytical uncertainty in B/Ca. (B) 801 
%CaCO3 (green crosses) and 230Th-normalized CaCO3 flux (blue squares) (Sachs and 802 
Anderson, 2003; this study). (C) benthic 13C (Ninnemann and Charles, 2002). 803 
Triangles at the bottom represent new (Table S1) and published (Barker et al., 2010) 804 
radiocarbon dates. 805 
 806 
Fig. 3. Vertical seawater [CO32-] distributions during the LGM and today. LGM data 807 
are for the North Atlantic (Yu et al., 2010a), equatorial (EQ) Atlantic (Raitzsch et al., 808 
2011), South Atlantic (this study), and Indo-Pacific Oceans (Yu et al., 2013a; Yu et 809 
al., 2010a). Error bars represent 1 standard deviation of values from the LGM. 810 
Modern global seawater [CO32-] is from the eWOCE dataset (http://www.ewoce.org/). 811 
Squares along the top x-axis represent surface water [CO32-] reconstructions for the 812 
tropical Atlantic during the Holocene and the LGM (Foster, 2008). Little change in 813 
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deep Indo-Pacific [CO32-] is also supported by foraminiferal assemblage analyses 814 
(Anderson and Archer, 2002). 815 
 816 
Fig. 4. Marine and atmospheric records over the past 28 kyr. (A) North Atlantic Deep 817 
Water formation strength from Pa/Th (McManus et al., 2004). (B) [CO32-] at TNO57-818 
21 (this study) and GGC48 (Yu et al., 2010a). (C) Benthic 13C at TNO57-819 
21(Ninnemann and Charles, 2002) and GGC48 (Yu et al., 2010a). (D) 14C, the 820 
benthic-atmospheric 14C offset, for TNO57-21 (Barker et al., 2010) and MD01-2386 821 
(Broecker et al., 2007). In (B-D), red solid circles are for TNO57-21, while green 822 
empty symbols are for WEP cores. (E) Opal flux in the Antarctic Zone (Anderson et 823 
al., 2009). (F) atmospheric 14C (Reimer et al., 2009). (G) atmospheric 13CO2 824 
(Schmitt et al., 2012). (H) atmospheric CO2 (Monnin et al., 2001). (I) EDML ice core 825 
18O (Barbante et al., 2006). Ice core data are on the age model of (Lemieux-Dudon et 826 
al., 2010). Error bars in (B, C, F, G) are 1 uncertainties, the ellipse in (D) represents 827 
approximate average 2 error, and curves in (B, G) are b-spline smoothing. Triangles 828 
at base represent radiocarbon dates for TNO57-21 (SI Text) (Barker et al., 2010). 829 
 830 
Fig. 5. Bathymetric distributions of 13C during the LGM (A) and today (B). The 831 
large 13C dissimilarity shown in (A) suggests a poorly mixed deep ocean during the 832 
LGM. This is in stark contrast to much reduced 13C variability in the modern ocean 833 
(B), where deep waters are well mixed. There must have been an increase in lateral 834 
exchange of deep water from the LGM to today. Our data (Fig. 4) explain when (HS1) 835 
and how (increased lateral mixing) this increase occurred, and provide new insights 836 
 31
into the global carbon cycle during the last deglaciation. Data source: LGM benthic 837 
13C (curves in A) are from (McCave et al., 2008) and references therein; modern 838 
hydrographic data are compiled in the eWOCE dataset (http://www.ewoce.org/) and 839 
are for sites (curves in B) close to the locations of cores used for the LGM profile 840 
reconstructions in (A): S Atlantic - sites 7320/16288 (11.5oE, 49.6oS), S Indian - sites 841 
7516/7522 (57.9oE, 47.7oS), S. Pacific - sites 11724/11727/7426 (175.9oE, 30.9oS), 842 
EQ Pacific - site 11690 (165oE, 0oN). LGM and Holocene averages for cores GGC48 843 
and TNO57-21 are shown by blue circles and red squares with error bars representing 844 
1 standard deviation of values from the designated age intervals, respectively. 845 
 846 
 847 
Fig. 6. Schematic illustration of processes affecting deglacial interocean deep water 848 
exchange and CO2 degassing. (A) LGM. (B) HS1. Compared to the LGM, deep South 849 
Atlantic-Pacific carbon exchange during HS1 was enhanced by increased meridional 850 
(isopycnal) mixing (Morrison and Hogg, 2013) and by increased Antarctic 851 
Circumpolar Current flow (Ho et al., 2012), probably due to a poleward shift and/or 852 
intensification of Southern Westerlies (Anderson et al., 2009; Toggweiler et al., 853 
2006). By distributing CO2-rich deep Pacific waters around Antarctica, increased 854 
interocean mixing would have augmented CO2 degassing in the Southern Ocean 855 
during the breakdown of vertical stratification (Anderson et al., 2009; Burke and 856 
Robinson, 2012; Sigman et al., 2010b) and sea ice retreat (Bianchi and Gersonde, 857 
2004; Divine et al., 2010) during HS1. Thicker lines indicate increased fluxes or wind 858 
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